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Abstract The eruption of Mount Pinatubo in 1991 injected a large amount of SO2 into the stratosphere,
which formed sulfate aerosols. Increased scattering and absorption of UV radiation by the enhanced
stratospheric SO2 and aerosols decreased the amount of UV radiation reaching the troposphere, causing
changes in tropospheric photochemistry. These changes affected the oxidizing capacity of the atmosphere
and the removal rate of CH4 in the years following the eruption. We use the three-dimensional chemistry
transport model TM5 coupled to the aerosol microphysics module M7 to simulate the evolution of SO2
and sulfate aerosols from the Pinatubo eruption. Their effect on tropospheric photolysis frequencies and
concentrations of OH and CH4 is quantified for the first time. We find that UV attenuation by stratospheric
sulfur decreased the photolysis frequencies of both ozone and NO2 by about 2% globally, decreasing global
OH concentrations by a similar amount in the first 2 years after the eruption. SO2 absorption mainly affects
OH primary production by ozone photolysis, while aerosol scattering also alters OH recycling. The effect
of stratospheric sulfur on global OH and CH4 is dominated by the effect of aerosol extinction, while SO2
absorption contributes by 12.5% to the overall effect in the first year after the eruption. The reduction in
OH concentrations causes an increase in the CH4 growth rate of 4 and 2 ppb/yr in the first and second years
after the eruption, respectively, contributing 11 Tg to the 27 Tg observed CH4 burden change in late 1991
and early 1992.
1. Introduction
The hydroxyl radical (OH) is the main oxidant in the troposphere, controlling the removal of many
atmospheric pollutants [Levy, 1971]. The atmospheric lifetime of methane (CH4), the second most important
anthropogenic greenhouse gas, is mainly determined by OH. About 70% of CH4 is oxidized in the tropical
troposphere, where photochemistry is most active [Lawrence et al., 2001]. Large uncertainties still remain
about the CH4 budget in the past decades and the role of OH in controlling CH4 concentrations [Kirschke
et al., 2013; Naik et al., 2013]. Chemistry and climate models [Naik et al., 2013] as well as a study simulating
the isotopic composition of CH4 isotopes [Monteil et al., 2011] infer a positive OH trend of up to 0.3%/yr in
the past decades, while inverse modeling studies using methyl chloroform find a positive trend in OH in the
1980s, followed by a decline in the 1990s [Krol and Lelieveld, 2003; Bousquet et al., 2005]. These studies stress
that the inferred OH trend is very sensitive to uncertainties in the assumed methyl chloroform emissions.
Bousquet et al. [2005] estimated an interannual variability (IAV) of OH between 1980 and 2000 of 8.5±1.0%.
A more recent study fromMontzka et al. [2011] finds a smaller IAV of 2.3±1.5% for the period 1998 to 2007.
The eruption of Mount Pinatubo in June 1991 caused significant global-scale radiative and climate changes
which likely affected tropospheric CH4 and OH concentrations. Dlugokencky et al. [1996] observed an
anomalously high CH4 growth rate during the second half of 1991, which they attributed to a decrease
in the OH sink caused by changes in radiation. Subsequently, the CH4 growth rate strongly decreased,
becoming negative during late 1992, and then recovered by mid-1993 to 5 ppb/yr [Dlugokencky et al., 1996].
Global-scale OH variability may be caused by variations in OH sources, sinks, and recycling between OH
and HO2, which depend on multiple factors, such as climate, and natural and anthropogenic emissions of
reactants. Tropospheric OH is produced through the photolysis of ozone (O3) by ultraviolet (UV) radiation
and the subsequent reaction of O(1D) with water vapor. This primary production of OH by O3 photolysis
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in the troposphere mainly occurs at wavelengths between 290 and 330 nm. Photolysis of nitrogen
dioxide (NO2) at wavelengths up to 420 nm also affects OH concentrations because it produces
nitrogen oxide (NO), important for OH recycling [Lelieveld et al., 2002]. Therefore, the amount of OH in the
troposphere is influenced by the amount of incoming UV radiation.
The Pinatubo eruption injected about 18.5 Tg sulfur dioxide (SO2) into the stratosphere, which was
converted to sulfate aerosols on a timescale of about 24 days [Guo et al., 2004]. Having a lifetime of 1 year,
sulfate aerosols remained in the atmosphere for a few years after the eruption [Bauman et al., 2003]. SO2
absorbs UV radiation between 240 and 320 nm [Bogumil et al., 2003], while sulfate aerosols scatter radiation.
Thus, the presence of these species in the stratosphere led to a decrease in the UV radiation entering
the troposphere.
Using a box model, Dlugokencky et al. [1996] found the decrease in OH due to the UV attenuation by SO2 and
sulfate consistent with the high CH4 and carbon monoxide (CO) growth rates in the second half of 1991. In
their inverse modeling study, Bousquet et al. [2006] inferred a reduction of the OH-based sink of 26 Tg CH4 in
the 2 years following the eruption, which might be related to changes in UV radiation. Previous studies have
been carried out to assess the impact of Pinatubo sulfate aerosols on shortwave and longwave radiation
using 3-D chemistry climate models [e.g., Stenchikov et al., 1998; Andronova et al., 1999; Timmreck et al.,
1999]. To our knowledge, none of these studies estimated the direct effect of stratospheric sulfate on
UV radiation and tropospheric photochemistry. Furthermore, studies of the Pinatubo eruption generally do
not include absorption by SO2. In the two-dimensional studies of Bekki et al. [1993, 1996], SO2 absorption
was shown to be important for the stratospheric ozone abundance after Pinatubo and the volcanic plume
lifetime of the Toba mega-eruption.
In this study we restrict our analysis to the effects of SO2 and sulfate described above, which are significant
in the first 2 years after the eruption. The three-dimensional model TM5 is used to simulate SO2 and sulfate
aerosols from the eruption, and the corresponding changes in UV radiation, OH and CH4 concentrations.
It is important to note that changes in climate are incorporated through the use of the ERA-Interim
atmospheric reanalysis from the European Centre for Medium-Range Weather Forecasts (ECMWF), and that
stratospheric ozone changes are prescribed based on satellite observations. The perturbations in climate
and stratospheric ozone associated with the eruption [Bânda˘ et al., 2013] will thus be included in the model
runs, but their effect on the CH4 budget is not investigated here.
The paper is organized as follows. The model setup is described in section 2. In section 3.1 we compare the
modeled and observed evolution of the SO2 and sulfate burdens. The results on tropospheric CH4 and OH
after the eruption are shown in section 3.2. The results are discussed in section 4, and conclusions are drawn
in section 5.
2. Method
The atmospheric chemistry and transport model TM5 [Huijnen et al., 2010;Williams et al., 2012] was used in
this study to simulate tropospheric photochemistry and aerosols. Aerosol microphysics is modeled by the
modal scheme M7 [Vignati et al., 2004; Aan de Brugh et al., 2011]. In this section, the setup of the TM5 model
is presented. We include a description of the changes implemented in TM5 and M7 useful for modeling
volcanic SO2 and sulfate and their effect on tropospheric chemistry. The performance of TM5 in simulating
atmospheric chemistry was validated against observations in Huijnen et al. [2010] and van Noije et al. [2014],
and the main conclusions of these studies remain valid under the current setup. At the end of section 2 we
define the simulations performed in this study.
2.1. The TM5 Chemistry Transport Model Coupled to the M7 Aerosol Module
The TM5 model was run on 60 hybrid sigma-pressure vertical layers, at a resolution of 3◦× 2◦ (longitude
× latitude) globally, except for the polar region, where a reduced grid was used. This vertical resolution
was employed because the default model configuration of 34 layers was found to produce large numerical
diffusion errors for stratospheric SO2 (see Appendix A). The model was driven by meteorological data
from the ECMWF ERA-Interim reanalysis [Dee et al., 2011]. The gas phase chemistry scheme is based on a
modified and updated version of the carbon bond mechanism 4 [Houweling et al., 1998]. The natural and
anthropogenic emissions of gas phase and aerosol species used are described in Appendix B. The photolysis
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frequencies were determined by the parameterization scheme based onWilliams et al. [2006], using online
radiative transfer calculation for wavelengths between 202 nm and 695 nm.
Two setups for calculating CH4 concentrations are possible in TM5: a “free-running” setup and a “nudged”
setup. In the “free-running” setup CH4 concentrations are calculated from the balance between sources,
sinks, and transport. To avoid a long-term drift in the CH4 concentration due to small imbalances between
sources and sinks, in the “nudged” setup monthly surface station data from background sites is used to
constrain the CH4 concentrations in the lowest 2 km of the model. The observed North-South gradient in
CH4 mixing ratios is obtained through latitudinal interpolation of the monthly mean observations at the
stations South Pole, Cape Grim, Mauna Loa, Mace Head, Barrow, and Alert. The ratio f between the measured
and modeled CH4 mixing ratio at the dateline (0
◦ longitude) is applied as a scaling for the modeled CH4 in
each zonal band, with a relaxation time scale of 𝜏=3 days. The modeled CH4 mixing ratios are then adjusted
at each time step using the following equation:
[CH4]new = [CH4]old + [CH4]old × (f − 1) × (1 − e−dt∕𝜏 ), (1)
where [CH4]old represents the modeled CH4 mixing ratio, taking into account sources, sinks, and transport,
[CH4]new is the adjusted CH4 mixing ratio, and dt is the time step. As will be described in section 2.2,
a combination of the two setups was used in this study.
Since TM5 does not include stratospheric O3 chemistry, O3 is nudged to the multi sensor reanalysis data
[van der A et al., 2010] above 45 hPa in the tropics and above 90 hPa in the extratropics. To constrain
the stratospheric loss of CH4 by OH, Cl, and O(
1D), CH4 is also nudged above these pressure levels using
climatological values from Grooß and Russell [2005].
The aerosol module M7 simulates the following aerosol types: sulfate (SO4), black carbon (BC) and organic
carbon (OC), sea salt, and mineral dust. In addition, TM5 simulates ammonium and nitrate using the
Equilibrium Simplified Aerosol Model (EQSAM) [Metzger et al., 2002], and methyl sulphonic acid. The M7
module uses seven modes to describe the size distribution of aerosols. Three modes are used for insoluble
particles (Aitken, accumulation, and coarse) and four modes for soluble particles (nucleation, Aitken,
accumulation, and coarse). Each mode is represented by a lognormal size distribution with a fixed width
of 𝜎 = 2.0 for coarse mode particles and 𝜎 = 1.59 for the other modes.
For simulating the eruption, some adjustments were needed in this default representation of aerosols in
M7. In Kokkola et al. [2009] the performance of the M7 scheme was tested for volcanic eruption conditions
in a box model setup. They postulate that the coarse mode is representative for large sea salt and dust
particles, and should not be used for modeling stratospheric sulfate, as this would lead to an overestimated
particle size and to a short atmospheric lifetime of sulfate aerosol due to fast sedimentation. Furthermore, a
decreased width of the particle distribution has been observed after large volcanic eruptions [Bauman et al.,
2003]. The findings of Kokkola et al. [2009] show that removing the soluble coarse mode and reducing
the width of the soluble accumulation mode to 𝜎=1.2 significantly improve the model performance in such
situations. Niemeier et al. [2009] and Toohey et al. [2011] used this setup to simulate the Pinatubo eruption
within the global climate model MAECHAM5-HAM, showing realistic results. We therefore use the setup
recommended in Kokkola et al. [2009] above 300 hPa and the standard M7 setup below 300 hPa to
model tropospheric aerosols. As a consequence, tropospheric coarse mode particles are restricted below
300 hPa. As stratospheric accumulation particles sediment below 300 hPa they are redistributed into the
tropospheric accumulation and coarse modes. This redistribution might cause some unphysical changes
in their radiative properties. However, particles have a short residence time in the troposphere of about
1 week. Therefore, we expect the error on the radiative effect of volcanic sulfate particles due to this setup
to be marginal. The nucleation scheme in M7 was also adapted to handle large sulfuric acid concentrations
(H2SO4), according to Kokkola et al. [2009].
To model scattering and absorption of UV radiation by aerosols interactively, the TM5 photolysis scheme
has been coupled to the M7 module. Aerosol optical properties are calculated using the lookup table
generated by the Generic Aerosol Optics Toolbox [Aan de Brugh, 2013]. Note that unlike in global climate
models, the radiative transfer scheme in our model is solely used for photolysis calculation. Modeled
aerosol fields are therefore coupled to the chemistry but not to the meteorological fields in our model. The
perturbation in stratospheric temperature after Pinatubo is included in the reanalysis data used here
through the assimilation of satellite observations.
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Table 1. Setup of the Simulations
Pinatubo SO2 Pinatubo Aerosol
Simulation Name Emissiona SO2 Absorption
b Extinctionc
PinS Yes Yes Yes
PinS1 Yes No Yes
NoPinS No No No
aSO2 of 18.5 Tg is emitted in the model column above Mount Pinatubo
(15◦N 120◦E), mostly between 17 and 21 km altitude during 3 h on 15
June 1991. The emitted SO2 subsequently reacts with OH to form sulfate
aerosols.
bSO2 absorption is included in the radiation scheme, causing changes in
photolysis frequencies.
cAerosol extinction is included in the radiation scheme, causing changes
in photolysis frequencies.
Absorption by SO2 between 280 and 340 nm has been implemented in order to infer the effect of SO2 on
tropospheric photolysis frequencies. SO2 absorption cross-section values presented in Bogumil et al. [2003]
are used. We find the effect of SO2 absorption on photolysis frequencies not to be significant in volcanically
quiescent conditions.
2.2. Model Simulations
The simulations presented here (Table 1) were performed for the period June 1991 to May 1993, after a
1.5 year spin-up from the beginning of 1990. The spin-up was done starting from modeled concentrations
of chemical species on 1 January 2007, and scaling CH4 concentrations down by 1.5%, the ratio between
observed CH4 concentrations in 2007 and 1989. The “NoPinS” simulation corresponds to a situation
without a Pinatubo stratospheric injection of sulfur. To represent the Pinatubo eruption in the “PinS” and
“PinS1” simulations, an emission of 18.5 Tg SO2 was assumed at the location of the eruption on 15 June 1991
for 3 h starting at 14.00 local time, as reported byWolfe and Hoblitt [1996]. TM5 subsequently transports the
SO2 plume, and the chemistry scheme accounts for the conversion of SO2 to sulfate particles.
The aerosol plume was observed between 19 and 24 km at the end of June 1991 at Mauna Loa station
(see Figure 2a). The Microwave Limb Sounder (MLS) found peak concentrations of SO2 at 26 km in
September 1991 [Read et al., 1993]. In this study the SO2 emission was distributed vertically between 15 and
23 km, with the bulk of the emission (80%) between 17 and 21 km. Other injection heights were tested and
are presented in Appendix C.
While in the PinS1 simulation only aerosols were coupled to the photolysis, in the PinS simulation both
SO2 and aerosols are allowed to interact with UV radiation. The main difference between PinS and NoPinS
in the troposphere is due to the aerosol extinction of UV radiation. In the stratosphere, some additional
differences in the chemistry are caused by the reaction of volcanic SO2 with OH. The lifetime of SO2 from
Pinatubo is about 1 month, so absorption by stratospheric SO2 becomes negligible in 1992. Therefore, PinS1
was not continued in 1992. We find the difference between PinS1 and PinS to be negligible at the end of
1991, showing that nonlinear feedbacks, such as different aerosol fields or the feedback between CH4 and its
lifetime, cause only minor changes beyond 1992. Note that the meteorological fields and stratospheric
ozone values used in the three simulations have been taken from data sets that responded to the Pinatubo
eruption [van der A et al., 2010]. Therefore, the effects of temperature and ozone on OH and CH4 are
included in all simulations. However, differences between simulations represent only the direct effects of
stratospheric sulfur.
Due to imbalances between uncertain CH4 sources and sinks, modeled CH4 concentrations tend to
drift from observed values in free-running models. In order to account for these uncertainties, we use a
two-step setup. As the first step, the PinS scenario was run with nudging to observed CH4 concentrations,
as described above. The monthly accumulated corrections introduced by the nudging to match CH4
observations were stored. In the second step, the residual emissions (either positive or negative) obtained
in the first step were used to scale the monthly CH4 emission totals in each 10
◦ latitude band, while
maintaining the emission distribution from the original inventory. The three scenarios were run without
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Figure 1. The modeled evolution of the stratospheric SO2 burden and
comparison with TOMS, TOVS [Guo et al., 2004], and MLS estimates
[Read et al., 1993].
further constraining CH4
concentrations. This setup enables
us to simulate realistic CH4
concentrations, at the same time
allowing them to respond interactively
to photochemical perturbations. We
verified that the modeled burdens and
concentrations were almost identical
in the two PinS simulations. The results
presented from here on are from the
simulations of the second step.
3. Results
3.1. The Modeled SO2 and Sulfate
Concentrations
The evolution of the global SO2 burden
after the eruption and a comparison
with estimates based on satellite observations are shown in Figure 1. Although the initial SO2 load
corresponds to the one measured by TOVS (TIROS (Television Infrared Observation Satellite) Optical Vertical
Sounder) [Guo et al., 2004], our model generally overestimates the stratospheric SO2 load by about
40%. We find an SO2 lifetime of 35 days from August to November 1991, which compares well with the
estimate of 33 days based on MLS data from September 1991 [Read et al., 1993]. We do not find a significant
difference in the SO2 lifetime between the PinS and PinS1 simulations. While an increase in SO2 lifetime
due to SO2 absorption was inferred for the Toba mega-eruption [Bekki et al., 1996], we do not find this to
occur for Pinatubo. The initial evolution of the burden is not well captured in the model. We find a reduced
loss rate in the first few days after the eruption, which may be related to OH depletion within the plume.
Contrarily, TOMS (Total Ozone Mapping Spectrometer) and TOVS data indicate a shorter lifetime of
23–25 days based on measurements during the first 2 weeks after the eruption. However, we expect that the
initial overestimate of the SO2 burden and the delay of about 1 month in its conversion to sulfate does not
Figure 2. Evolution of (a) simulated and (b) lidar observed stratospheric aerosol backscatter profile at 694.3 nm at Mauna
Loa station [Barnes and Hofmann, 1997] in the first 2 years after the eruption.
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Figure 3. Evolution of the stratospheric aerosol optical depth after the eruption, modeled (a) at 525 nm and (b) at 630 nm and measured (c) by SAGE II at
525 nm [SPARC: ASAP, 2006] and (d) by AVHRR at 630 nm [Zhao et al., 2013]. The tropospheric signal was removed from AVHRR by subtracting the AOD from
2 years prior to the eruption (June 1989 to May 1991), following the method described in Long and Stowe [1994]. In some areas this procedure yields negative
numbers, shown here in white.
significantly affect our conclusions. The effect of the modeled SO2 on tropospheric OH and CH4 is found to
be quite small on a global scale in comparison to the aerosol effect (see sections 3.2 and 3.3).
To investigate how well the model simulates the evolution of the stratospheric aerosol field, Figure 2
presents the modeled and measured vertical profiles of aerosol backscatter at 694.3 nm at Mauna Loa
station, using observations from a ruby lidar system [Barnes and Hofmann, 1997]. In the first few months
after the eruption, our model captures well the backscatter values below 25 km, although it overestimates
the backscatter between 25 and 35 km. This overestimate might be due to the lack of reevaporation
of aerosols, which becomes important near 30 km [Dhomse et al., 2014]. Interestingly, periods of high
backscatter occur about every 3 weeks in the first 3 months after the eruption, corresponding to the time
needed for the plume to circle the globe before it is diffused in longitudinal and latitudinal directions. The
agreement with observations suggests that the speed of the longitudinal transport and the latitudinal
diffusion of the plume are well captured in our model. Starting from December 1991, the model agrees well
with observations for both the backscatter values and the height at which the backscatter occurs.
Figure 3 shows the evolution of the zonal averaged aerosol optical depth (AOD) observed by SAGE II
(Stratospheric Aerosol and Gas Experiment II) [Stratospheric Processes and their Role in Climate (SPARC):
Assessment of Stratospheric Aerosol Properties (ASAP), 2006; Thomason et al., 2008] at 525 nm above 10 km
by AVHRR (Advanced Very High Resolution Radiometer, data version 2.0) [Zhao et al., 2013] at 630 nm,
and the corresponding modeled values. Since AVHRR measures the total column AOD including the
troposphere, we removed the tropospheric signal by subtracting the AVHRR-measured AOD from the
2 years before the eruption (June 1989 to May 1991), as described in Long and Stowe [1994]. The modeled
AOD at 525 nm is generally lower than that at 630 nm. Since the simulated volcanic particles grow to
0.42 μm (Figure 4), they have a peak extinction efficiency around 0.6 μm. This wavelength dependence
of the AOD was also captured by SAGE II, which showed highest extinction values for 525 nm among the
four measured wavelengths (386, 452, 525, and 1020 nm) during 1992 and 1993 [Bauman et al., 2003]. The
AOD values in our model are generally higher than those measured by SAGE II and AVHRR in the tropics
and northern midlatitudes in the first year after the eruption. AOD reaches 0.45 in the tropics in autumn
1991, higher than the observed values of less than 0.35 by SAGE II and less than 0.4 by AVHRR. The transport
of the volcanic cloud to both Northern and Southern Hemispheres is captured reasonably well by the model.
However, the transport to the northern high-latitudes is more pronounced in the model compared to
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Figure 4. Evolution of the mean aerosol effective radius profile in the 10–20◦N latitude band, (a) modeled and (b)
measured by SAGE II [ASAP, 2006].
observations, while the transport to the southern high-latitudes is less pronounced than in the SAGE II data.
In the second year after the eruption the modeled AOD compares well to SAGE II data and is about 0.05
lower than the AVHRR data. In Appendix C we show that the AOD match with observations deteriorates
when a different emission height is chosen. Concerning the lifetime of the Pinatubo aerosols, we find a value
of 1.23 years, which is in the range of 1–1.37 years estimated based on lidar data at tropical and midlatitude
stations [Barnes and Hofmann, 1997; Nagai et al., 2010; Deshler, 2008].
The modeled aerosol effective radius between 10◦ and 20◦N reaches a maximum of 0.42 μm, while the
SAGE II estimate reaches 0.55 μm (Figure 4). The height of the aerosol layer is reasonably well estimated, with
an upper bound around 27–30 km. The modeled effective radius is within the uncertainties of the measured
effective radius from SAGE II, which give a lower estimate of 0.4 μm [Bauman et al., 2003]. It also falls within
the lower range of the lidar observations performed in northern Germany [Ansmann et al., 1996]. Potential
underestimations in aerosol size might be due to the use of parametrized water uptake on aerosols
from Zeleznik [1991], as in the original M7 scheme, which underestimates the uptake under stratospheric
conditions [Carslaw et al., 1995]. Another possible reason is the model resolution, which dilutes areas with
large concentrations of aerosols, decreasing aerosol coagulation in the first months after the eruption
(see Appendix A). Our initial simulation on 34 vertical layers instead of 60 compared much poorer to the
backscatter and AOD observations, with aerosol effective radius reaching only 0.28 μm. This indicates that
the obtained results are quite sensitive to the model resolution.
3.2. Changes in OH and J Values
Figure 5 shows the time evolution of the zonal mean tropospheric J values and OH concentrations,
and differences between the three simulations. The tropopause was defined as a function of latitude as
recommended in Lawrence et al. [2001], and the vertical averaging was done by weighting with the air
mass. The strongest reductions in JO3 occur in the tropics (Figure 5d), where decreases of more than 10
−6 s−1
between NoPinS and PinS are found from June to September 1991. The decrease in the photolysis frequency
of NO2 (JNO2 , Figure 5e) is weaker in the tropics, reaching 0.15×10
−3 s−1 in autumn 1991, and more
significant at midlatitudes, with reductions of more than 0.25×10−3 s−1 in the northern midlatitudes from
November 1991 to April 1992. The stronger decrease in JNO2 at midlatitudes is related to a larger solar zenith
angle. JNO2 depends more strongly on direct radiation than JO3 , which depends more strongly on diffuse
radiation. With increasing solar zenith angle, the path of direct sunlight through the aerosol layer is longer,
and therefore, the amount of direct radiation is more strongly attenuated. The resulting change in OH,
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Figure 5. Evolution of the zonal mean tropospheric (a) JO3 , (b) JNO2 , and (c) OH, and differences (d–f ) between the PinS and NoPinS simulations, and (g and h)
between the PinS and PinS1 simulations. For the difference PinS-PinS1, only the first 6 months are shown. The difference in JNO2 between PinS and PinS1 is
omitted because it is found to be negligible.
shown in Figure 5f, is a decrease of more than 3×104 molec cm−3 at 0–30◦N from July 1991 to March 1992,
and at 30–60◦N during the summer of 1992.
By taking the difference between the results of the PinS and the PinS1 simulation, we find the effect of the
SO2 absorption on UV radiation. In the first week after the eruption, the total column SO2 amounts to more
than 150 Dobson Units (DU) above Eastern Africa and the Indian Ocean (not shown), leading to decreases
of more than 50% in JO3 and more than 35% in OH in the troposphere. This strong effect is quite localized,
lasting for only a few weeks, and is less important on a global scale. This can be seen in Figures 5g and
5h, where the zonal mean effect of SO2 absorption on tropospheric OH and JO3 is plotted. Since SO2 does
not absorb at wavelengths larger than about 320 nm, at which NO2 photolysis takes place predominantly,
JNO2 is mostly unaffected and therefore not shown here. The effect of SO2 absorption is restricted to the
northern tropical region, with maximum decreases in the zonally averaged JO3 and OH of 0.8×10
−6 s−1 and
4×104 molec cm−3, respectively, during the first month after the eruption. With the SO2 being converted
almost entirely to aerosol within 3 months, its zonal mean effect on JO3 and OH decreases to less than
0.3×10−6 s−1 and 2×104 molec cm−3, respectively, by September 1991.
Figure 6 shows the evolution of the relative changes in the global mean vertical profiles of JO3 , JNO2 , and
OH between the three simulations. Extinction of UV radiation by sulfate aerosols and absorption by SO2
lead to decreases in JO3 , JNO2 , and OH below the volcanic plume between the NoPinS and PinS simulations
(Figures 6b–6d). The photolysis frequencies and OH concentrations between 25 and 35 km increase by up
to 2% due to an increase in UV radiation in the upper part of the aerosol plume and above. OH and J values
are affected by aerosol extinction throughout the atmosphere for 2 years after the eruption, with decreases
of more than 2% in OH until the end of 1992. The decrease in JO3 intensifies near the surface, while JNO2 is
affected more in the upper troposphere. As a result, OH decreases throughout the troposphere. At altitudes
between 15 and 25 km, global mean OH decreases by 5–10% during the first 2 months after the eruption
as a result of OH destruction within the plume by the reaction with SO2. The SO2 absorption affects O3
photolysis throughout the column below the volcanic cloud, as can be seen in Figure 6f. The effect on
tropospheric OH is a 1% decrease in the troposphere shortly after the eruption and gradually diminishes
afterward. This effect is about half of the relative effect of SO2 absorption on JO3 .
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Figure 6. Evolution of the differences in the global mean profile of tropospheric JO3 , JNO2 , and OH between the (b–d)
PinS and NoPinS simulations, and between the (f and g) PinS and PinS1 simulations. The global mean profiles of (a)
extinction at 525 nm and (e) SO2 concentrations are also shown.
3.3. CH4 After Pinatubo
Table 2 lists the chemical budget terms of CH4 and O3, and lifetimes of CH4, O3, and CO affected by the
change in UV radiation due to volcanic SO2 and aerosols. Global budget values are shown for the PinS
simulation, as well as the absolute changes in the budget terms for the other two simulations. The loss of
O3 through photolysis decreases by 47.4 Tg (2.2%) in the first year and by 23.7 Tg (1.1%) in the second year
after the eruption due to Pinatubo SO2 and aerosols. Decreases are also found in the chemical production
of O3 from the reactions of NO with HO2 and RO2, and in the loss of O3 through the reactions with OH
and HO2. These effects nearly cancel out, leading to changes in the O3 burden of less than 1 Tg each year.
The modeled CH4 lifetime is 8.8 and 8.7 years in the first and second years after the eruption, in good
agreement with the observation-based present-day estimate of 9.1±0.9 years [Prather et al., 2012] and
with the multimodel mean lifetime of 8.6±1.2 years from the Atmospheric Chemistry and Climate Model
Intercomparison Project (ACCMIP) [Voulgarakis et al., 2013]. Since both CH4 and CO are destroyed by OH,
their lifetimes increase between the NoPinS and PinS simulations. We find increases in the CH4 lifetime by
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Table 2. Global Yearly Budgets and Differences Between Budget Terms Between the Three Simulationsa
PinS ΔPinSb ΔPinS1b PinS ΔPinSb
First yearc First Yearc First Yearc Second Yearc Second Yearc
CH4 emissions
d-soil sink 520.8 - - 508.1 -
CH4+OH troposphere 464.2 −11.2 −9.8 468.1 −6.6
CH4 stratospheric loss 36.1 −0.2 −0.3 36.1 −0.9
CH4 burden change 20.5 11.0 9.5 3.9 5.5
NOAA CH4 burden change 27.2 2.9
Tropospheric O3 chemical production 4415.7 −57.2 −50.2 4489.7 −32.4
Tropospheric O3+h𝜈 2171.9 −47.4 −39.6 2198.4 −23.7
Tropospheric O3 other chemical losses 1826.4 −11.9 −12.1 1853.4 −9.2
Tropospheric O3 burden change −2.0 1.0 1.2 −5.1 −0.2
CH4 lifetime
e (years) 8.8 0.2 0.2 8.7 0.1
CO lifetimee (days) 55.1 1.5 1.4 54.0 1.0
Tropospheric O3 lifetime
e (days) 30.1 0.4 0.4 29.0 0.2
aGlobal yearly budgets are shown for the simulation with Pinatubo and absolute differences for PinS and
PinS1 with respect to NoPinS in the first and second years after the eruption. For O3, only tropospheric budget
terms are shown, with the tropopause defined as in Lawrence et al. [2001]. Numbers are in teragram unless
otherwise specified.
bΔPinS = PinS − NoPinS; ΔPinS1 = PinS1 − NoPinS.
cFirst and second years after the eruption are defined as 1 June 1991 to 31 May 1992, and 1 June 1992 to 31
May 1993, respectively.
dNote that CH4 global emissions have been scaled with the nudging term determined by the model in a
previous simulation with CH4 constrained to observations (see section 2.2).
eLifetimes were calculated as the ratio between the atmospheric burden and the total loss.
0.2 year (2.2%) in the first year and 0.1 year (1.4%) in the second year. The CO lifetime increases by 1.5 days
(2.7%) in the first year and 1 day (1.9%) in the second year. A small part of this increase in the first year is
related to the absorption of UV radiation by SO2.
The CH4 burden change during 1991 and 1992 can be estimated using global mean CH4 mixing ratios
from NOAA [GLOBALVIEW-CH4, 2009]. The ratio of 2.78 Tg/ppb reported by the Intergovernmental Panel on
Climate Change (IPCC) [Denman et al., 2007] was used to convert from observed surface CH4 mixing ratio
to CH4 burden. In 1991 the burden change obtained using this approach amounts to 27.2 Tg, while in 1992
an increase of only 2.9 Tg was observed. We model a CH4 burden change of 20.5 Tg over the coarse of the
first year after the eruption, when accounting for the radiative effects of stratospheric sulfur from Pinatubo
(PinS) and nudging the methane concentrations with surface observations. More than half of the modeled
increase in CH4 burden, 11 Tg, is related to the decrease in the OH sink of CH4 due to stratospheric sulfur
from the Pinatubo eruption. During the second year after the eruption, we find an increase of 3.9 Tg in the
CH4 burden in the PinS simulation, while stratospheric sulfur leads to an increase of 5.5 Tg. Therefore, we find
a decrease of 1.6 Tg in the CH4 burden in the NoPin simulation. The differences of 6.7 Tg and 1.0 Tg between
the NOAA-based and modeled burden changes in 2 years after the eruption may be due to the larger
set of stations used in GLOBALVIEW-CH4 compared to the set used to constrain our model (section 2.1).
Furthermore, additional processing steps have been performed to homogenize the GLOBALVIEW-CH4 data.
By employing the ratio of 2.78 Tg/ppb CH4, we find that stratospheric sulfur from Pinatubo leads to an
increase in the methane growth rate of 4.0 and 2.0 ppb/yr in the first and second years after the eruption,
respectively. In the first year, the SO2 absorption accounts for 0.5 ppb/yr of this increase, contributing by
12.5% to the overall effect.
Differences in the CH4 removal by OH in the global troposphere between the three simulations are
presented in Figures 7a and 7c. The latitudinal distribution of these changes are shown in Figures 7b and
7d. SO2 absorption leads to a small reduction of the CH4 sink in the tropics during the first few months after
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Figure 7. (a) Differences in the global tropospheric OH sink of CH4 and (b) differences in the latitudinal average sink
strength, integrated over the tropospheric column between the PinS and NoPinS simulations; (c and d) corresponding
differences between the PinS and PinS1 simulations.
the eruption, leading to an increase in the CH4 burden of 1.4 Tg globally. The aerosol extinction determines
more significant changes both in the tropics and during summer in the extratropics. Overall, we find global
decreases in the tropospheric CH4 sink due to volcanic stratospheric sulfur of 11.2 Tg and 6.6 Tg during the
first year and the second year after Pinatubo, respectively.
4. Discussion
Several results presented above require additional analysis. First, the relative effect of SO2 absorption on
tropospheric OH is about half the relative effect on JO3 . Fuglestvedt et al. [1994] find a ratio of 1.6, between
the relative change in tropospheric JO3 and the relative change in OH due to stratospheric ozone changes,
using a steady state assumption representative for the year 1990. Assuming an equilibrium between the
production of OH from photolysis and the main losses of HOX (HO2+HO2 and HO2+OH), they derive the
relation P = 𝛽 × [OH]2, with P the production rate of OH and 𝛽 a factor that depends on the ratio [OH]/[HO2].
If 𝛽 is constant, this implies a relation between a small change in OH production (ΔP) and a small change in
OH (Δ[OH]) that satisfies ΔP = 2𝛽 × Δ[OH] × [OH]. The associated relative change in P is twice the relative
change in OH (ΔP∕P = 2Δ[OH]∕[OH]). This relation is satisfied in our model, where the local and short-term
changes in UV radiation due to SO2 absorption only marginally affect concentrations of CO and NOX , which
drive the recycling between OH and HO2 and determine 𝛽 . In the case of Fuglestvedt et al. [1994], the effect
is global and long term, so the relationship is slightly changed. We find relative changes in JO3 , JNO2 , and OH
due to sulfate aerosols of similar magnitude, showing that in this case not only the primary production of
OH is affected but also the OH recycling and the ratio between OH and HO2.
Another aspect that deserves attention is the vertical distribution of the effect on photolysis frequencies.
We presented in Figure 6 the relative change in photolysis frequencies due to Pinatubo aerosols. While
the effect on O3 photolysis maximizes near the surface, the effect on JNO2 maximizes in the upper
troposphere. This can be explained by analyzing the contributions of direct and diffuse radiation at different
wavelengths and how they are affected by the aerosol layer. The primary response to a stratospheric aerosol
layer is a decrease in the direct radiation and an increase in the diffuse radiation in the troposphere.
While the effect on direct radiation is relatively constant with height, the aerosol layer increases more
efficiently the diffuse radiation in the upper troposphere. This is because of the strong Rayleigh scattering
in the lower troposphere, even in the absence of aerosols. By analyzing the relative contributions to diffuse
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and direct radiation, we found that the net effect on radiation depends in a complex way on height,
wavelength, and solar zenith angle. Most O3 photolysis in the troposphere occurs at small solar zenith
angles, at a wavelength of about 300 nm, when direct and diffuse radiation contribute in similar amounts to
the total radiation. In this case, the stratospheric aerosol layer causes a decrease in total radiation, due to a
decrease in direct radiation, which is counteracted near the tropopause by an increase in diffuse radiation.
At 400 nm, where NO2 photolysis predominantly occurs, molecular scattering is less efficient. Therefore, in
the upper troposphere the total radiation is dominated by the direct radiation, while the diffuse radiation is
more important near the surface. This causes the relative decrease in total radiation at 400 nm to be more
pronounced near the tropopause.
Previous attempts to quantify the effect of volcanic SO2 from Pinatubo on CH4 have been made using
column models. Although they are useful for illustrating the processes involved, an accurate regional or
even global estimate of this effect using a column model is difficult due to the localized nature of the SO2
plume. Dlugokencky et al. [1996] found a 12% decrease in JO3 in the 9
◦S–9◦N equatorial band, and Bânda˘
et al. [2013] estimated a global 2.5% reduction in OH immediately after the eruption. In our simulations,
SO2 absorption leads to a maximum decrease of 1% in the global tropospheric OH and up to 3% in the
northern tropical band. The above studies probably overestimate the effect of SO2 by assuming an instant
homogeneity of the SO2 plume in the equatorial band or around the globe, due to the nonlinearity of the
atmospheric photochemistry. In the present study we are able to take this into account more precisely by
simulating the dispersion of the SO2 plume. However, wemight also overestimate this effect due to the large
stratospheric SO2 burden compared to observations.
The effect of aerosol extinction found by Dlugokencky et al. [1996], i.e., a maximum 6% reduction in JO3 in
the band 9◦S–9◦N, is similar to our findings. However, we also find significant effects on JNO2 , and on JO3
outside of this equatorial band, which are important for the global OH sink of CH4. Bânda˘ et al. [2013] found
a maximum global increase in the CH4 growth rate of 3.5 ppb/yr due to Pinatubo aerosols, while this study
finds a maximum change of 1.35 Tg in August 1991 in the OH sink, equivalent to a growth rate increase of
5.8 ppb/yr. In their study, global mean AOD values were used, assuming aerosols to be evenly distributed
around the globe. However, most CH4 is destroyed in the tropical troposphere, where stratospheric AOD
values exceed 0.4.
Using an inverse modeling approach, Bousquet et al. [2006] estimated a decrease in the tropospheric OH sink
of CH4 during 1991–1993 compared to the 1984–2003 mean of 26 Tg or 8.7 Tg/yr. This is very similar to our
estimate of 17.8 Tg in 2 years or 8.9 Tg/yr on average. However, in our case we isolate the effect of aerosols
and SO2, while the OH fields used in Bousquet et al. [2006] were derived from inverse modeling of methyl
chloroform. These fields also respond to other forcings after the eruption, such as changes in water vapor
and stratospheric ozone, which might contribute to their estimated change in the tropospheric OH sink of
CH4. The good agreement between our result and Bousquet et al. [2006] suggests that other effects on OH
in this period compensate each other, which was also shown to partly occur in Bânda˘ et al. [2013].
There has been a debate on the magnitude of the global OH interannual variability (IAV). Previous studies
estimated an IAV of 7–9% [Bousquet et al., 2005; Prinn et al., 2005]. However, as argued by Montzka et al.
[2011], these estimates were likely affected by uncertainties in methyl chloroform emissions. Based on the
decline of methyl chloroform since 1998,Montzka et al. [2011] derived a lower IAV in OH of 2.3±1.5%. Our
calculated response of tropospheric OH to the Pinatubo eruption (a reduction of about 2%) is in line with
this finding.
Although our approach in quantifying the effects of stratospheric sulfur from Pinatubo on tropospheric
chemistry is more sophisticated than previous attempts, our estimate still contains some uncertainty related
to the modeled SO2 and sulfate load. Our model overestimates by about 40% the stratospheric SO2 burden
due to an overestimate in the SO2 lifetime in the first month after the eruption, in particular not capturing
the reduced lifetime in the first few days after the eruption. Guo et al. [2004] suggest that catalytic reactions
on ice and ash particles enhanced the SO2 removal in the first few days after the eruption, with about
3 Tg SO2 being converted to sulfate within the eruption column. Such processes are not included in our
model. Model resolution can also affect nonlinear chemical processes in the early stage of the plume.
Another possible reason for the initially enhanced SO2 lifetime in the model compared to observations
may be related to uncertainties in the modeled OH in the lower stratosphere due to missing stratospheric
chemistry, or due to uncertainties in stratospheric water vapor fields [Oikonomou and O’Neill, 2006].
BÂNDA˘ ET AL. ©2014. American Geophysical Union. All Rights Reserved. 1213
Journal of Geophysical Research: Atmospheres 10.1002/2014JD022137
Enhanced OH concentrations were observed in the stratosphere after the eruption of El Chichon [Burnett
and Burnett, 1984] and were attributed to water vapor emission from the eruption. A large water vapor
increase from the Pinatubo eruption would not be well captured in the ERA-Interim data used in
our simulations.
The modeled aerosol distributions also show some discrepancies with satellite observations, with
overestimated AOD in the tropics and at high latitudes in the Northern Hemisphere in the first year after the
eruption. These features are also found in other studies that simulate the Pinatubo aerosols using general
circulation models [Niemeier et al., 2009; Aquila et al., 2012; English et al., 2013; Dhomse et al., 2014]. Some
differences between modeled and observed AOD might be related to measurement uncertainties. AVHRR
measures the total AOD in nadir view, which makes it difficult to distinguish the stratospheric and the
tropospheric contributions. SAGE II measures the vertical profile of aerosol extinction in limb view and
is generally taken as a reference for global climate studies. In the first year after the eruption, the SAGE II
instrument was saturated, and the data used here have been gap-filled based on surface lidar data [SPARC:
ASAP, 2006]. The more reliable SAGE II data from the second year after the eruption are well represented by
the model. Aerosol backscatter at the tropical station Mauna Loa is generally well captured, but also suggest
an overestimate of the simulated stratospheric aerosol burden in the tropical band in the first months after
the eruption.
The modeled transport of the aerosol plume to the Northern Hemisphere is more pronounced than to the
Southern Hemisphere, while observations show an equally pronounced transport to the two hemispheres.
The observed aerosol load in the Southern high latitudes might be partly related to the eruption of
Cerro Hudson in August 1991. This additional eruption, which injected 1.5 Tg SO2 in the stratosphere at
45◦S [Doiron et al., 1991], is not included in our model simulation. Other uncertainties in the latitudinal
distribution of the plume might be related to uncertainties in transport. The cross-equatorial transport of
the Pinatubo plume was shown to be a result of dynamical changes caused by the absorption of longwave
radiation by sulfate aerosols in the first 2 weeks after the eruption. The coupling between radiation and
aerosols proved to be essential for simulating the southern transport of the Pinatubo plume in studies using
global climate models [Young et al., 1994; Timmreck and Graf, 2006; Aquila et al., 2012]. Our model is driven
by reanalysis winds, which are not coupled to the aerosol fields simulated by TM5. Furthermore, the aerosols
from Pinatubo are not explicitly included in the ECMWF model. However, their effect on stratospheric
temperatures is accounted for by assimilating satellite observations. Indeed, the long-term trend in
stratospheric temperature after Pinatubo is well captured in ERA-Interim, with a 15% attenuation of
the observed volcanic signal [Dee et al., 2011]. However, more localized effects, such as the effect of
aerosol absorption on stratospheric dynamics in the first 2 weeks after the eruption, are probably not well
represented due to scarcity of observational data available for assimilation in the ECMWF model.
Based on the uncertainties in modeled SO2 burden, aerosol load, and aerosol size, we roughly estimate a
15% uncertainty in the modeled effect of stratospheric sulfur on the CH4 burden in the first 2 years after
the eruption.
5. Conclusions
We quantified for the first time the effect of SO2 and sulfate aerosols from the Pinatubo eruption on
tropospheric photochemistry using a three-dimensional global chemistry model. The overall impact of
decreased UV radiation due to stratospheric sulfur on CH4 during the first 2 years after the eruption was a
decrease of 17.8 Tg in the CH4 sink. This decrease was dominated by the effect of UV radiation scattering by
volcanic aerosols. Stratospheric SO2 absorption caused a reduction of 1.4 Tg in the CH4 sink in the first few
months after the eruption.
Due to the Pinatubo stratospheric sulfur, the global CH4 growth rate was increased by 4.0 ppb/yr and
2.0 ppb/yr in the first and second year after the eruption, respectively. Based on the observed growth rate
of CH4 concentrations, the burden change of CH4 in the first year after the eruption is estimated to be about
+27 Tg. The calculated effect of sulfur from Pinatubo in our simulation amounts to a burden change of
+11 Tg in the same period. Therefore, the reduction in OH from the enhanced SO2 and aerosol can explain
about 40% of the observed CH4 burden change in the period June 1991 to May 1992. In the second year
after the eruption, the observed CH4 burden change is +2.9 and the simulated sulfur effect is +5.5 Tg. This
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suggests that other processes counteracted this reduction of the chemical sink due to stratospheric sulfur in
the second year, for example, decreasing emissions or other factors affecting the sink.
This article investigates solely the direct effect of stratospheric sulfur on UV radiation and the related effects
on the tropospheric OH sink of CH4. Although we show that the sulfur emissions from Pinatubo play a
significant role in the methane budget, the exact reasons for the observed decrease in the CH4 growth rate
in 1992 remain unresolved. Several processes have been proposed to explain these observations, including
an increase in the tropospheric OH sink due to stratospheric ozone depletion on sulfate aerosols [Telford
et al., 2009; Bekki et al., 1994;Wang et al., 2004; Bânda˘ et al., 2013], decreased emissions from wetlands due
to lower temperatures [Dutton and Christy, 1992; Bekki and Law, 1997;Walter et al., 2001; Bânda˘ et al., 2013],
and decreased anthropogenic emissions due to the collapse of the Soviet Union [Dlugokencky et al., 1994].
These effects are included in our simulations, by imposing realistic year-to-year variations in meteorology,
stratospheric ozone, and CH4 emissions. Their impact on tropospheric chemistry will be assessed in a
future study.
Appendix A: Sensitivity to Vertical Resolution
The standard TM5 model setup uses 34 vertical layers out of the 60 sigma hybrid sigma-pressure vertical
layers of ERA-Interim. This setup has a resolution of 4–5 km in the stratosphere above 23 km, while the
full 60 layers of ERA-Interim have a resolution of 2 km or less up to 45 km altitude. Figure A1 shows a
comparison between the mean SO2 profile over the 20
◦S–20◦N latitude band for two simulations performed
using 34 and 60 layers, respectively. The 34 layer version of the model transports SO2 to the top of the model
domain at 55 km altitude within a couple of weeks. Concentrations of more than 1 ppb of SO2 are found at
this altitude between August and November 1991. When using 60 layers, most of the SO2 remains below
40 km throughout the simulation, with mean zonal concentrations over 1 ppb only between 15 and 33 km.
We conclude that the slopes advection scheme [Russell and Lerner, 1981], which is default in TM5, is not able
to resolve the large SO2 gradients in the stratosphere on a 5 km resolution. The resolution also affects the
aerosol concentrations, with aerosols being formed in the 34 layer version up to 55 km. The aerosol plume is
more diluted, leading to less coagulation and smaller aerosol size of 0.28 nm (not shown), much smaller than
the observations (Figure 4). Therefore, we chose to use the full 60 layer configuration for the simulations
presented in this paper. To check whether the model continues to be diffusive on 60 layers, an additional
simulation was performed using the second moment of the advection scheme [Prather, 1986]. However, this
did not lead to any significant further difference in the modeled stratospheric aerosol or SO2.
Figure A1. Mean SO2 profile between 20
◦S and 20◦N for (a) 34 layer and (b) 60 layer vertical resolution. Simulations with
the 60 layer setup are discussed in the main text.
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Appendix B: Emissions Setup
The emissions used in the model are as follows. Anthropogenic emissions of CH4, CO, nitrogen oxides (NOX ),
nonmethane volatile organic compounds (NMVOC), sulfur dioxide (SO2), and ammonia (NH3) were taken
from the Emissions Database for Global Atmospheric Research (EDGAR) version 4.2 [European Commis-
sion and Joint Research Centre (JRC)/Netherlands Environmental Assessment Agency (PBL), 2011], except for
transport sectors. EDGAR version 4.1 was used for the transport sectors because it provides aircraft NOX
emissions separately and allows us to implement a different vertical distribution of these emissions com-
pared to other transport related emissions. Since the vertical distribution of aircraft NOX emissions is not
included in EDGAR 4.1, we used the monthly three-dimensional historical aircraft emissions provided for
the ACCMIP and the Coupled Model Intercomparison Project [Lamarque et al., 2010]. These emissions were
scaled with the global yearly aircraft NOX emission total from EDGAR 4.1 to include a realistic interannual
variability. For the yearly anthropogenic NMVOC emissions from EDGAR, VOC speciation was applied on a
grid cell and sector basis according to the historical ACCMIP emissions for the year 2000. The anthropogenic
EDGAR emissions for each species were scaled to match the total yearly anthropogenic emissions from
the Regional Emission Inventory in Asia (REAS) version 1 [Ohara et al., 2007] over the South and East Asian
region, between 50◦N and 10◦S latitude and 60◦E and 150◦E longitude. Seasonal cycles for the EDGAR emis-
sions were implemented following the recommendations of Veldt [1992]. Decadal anthropogenic emissions
from the historical ACCMIP emission inventory were used for black carbon (BC) and organic carbon (OC),
linearly interpolated to the simulation years.
Biomass burning emissions were used from the Reanalysis of the Tropospheric chemical composition
over the past 40 years project (RETRO), inventory [Schultz et al., 2008]. Production of NOX by lightning and
emissions of dimethyl sulfide (DMS) and sea salt are calculated online [Huijnen et al., 2010; Vignati et al.,
2010]. Natural CH4 monthly emissions were taken from the Hydrogen, Methane, And Nitrous Oxide project
[Spahni et al., 2011], including emissions and soil uptake from the LPJ-WhyMe vegetation model. Natural
emissions of CO, NOX , NH3, and NMVOC were prescribed using a monthly data set from the Monitoring
Atmospheric Composition and Climate (MACC) project, as in van Noije et al. [2014]. The emission
heights of anthropogenic, biomass burning, and natural emissions have been revised, as described in
van Noije et al. [2014].
Appendix C: Sensitivity to InjectionHeight
The injection height of the Pinatubo SO2 is an important parameter for determining the plume evolution.
The initial evolution of the erupted SO2 is driven by reactions on volcanic ice and ash particles, and by
dynamical changes due to absorption by sulfate and ash. Generally, not all of these processes are included
in studies of the Pinatubo eruption, and the assumed SO2 injection needs to account for missing processes.
Therefore, the best injection height and the model sensitivity to this parameter might be dependent on the
model setup. More studies are needed to quantify these parameters, preferably using climate models with
radiatively interactive aerosols.
We test here two more injection height scenarios apart from the setup presented in the main text, where
most SO2 was injected between 17 and 21 km. In these additional simulations the SO2 was injected between
15 and 27 km in scenario H1, and between 15 and 24 km in scenario H2. The bulk of the material (80%) was
injected in the highest 4 km (23–27 km and 20–24 km).
Figure C1 shows the AOD evolution for the three scenarios in the year after the eruption. The
middle-injection and high-injection heights give larger AOD values in the northern tropical region, which
would deteriorate the comparison with SAGE II observations in this region. The transport of the aerosols
to high latitudes and the Southern Hemisphere is also less well captured in these simulations. For the high
scenario H1, most of the material is transported within the tropical pipe. This leads to reduced transport
to high latitudes in the first 5 months after the eruption, most aerosol remaining confined in the northern
tropical region. For both H1 and H2, the plume is dominantly transported to the Northern Hemisphere, and
the AOD values in the northern midlatitudes are highly overestimated. Although the emission scenario in
the main text also overestimates the AOD in the tropics and the high northern latitudes, the overestimate is
smaller for this scenario, and the transport of the plume to both hemispheres is better captured. We chose
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Figure C1. Zonal mean modeled AOD at 525 nm (AOD525) for three injection heights. The bulk of SO2 emission was
assumed between (a) 23–27 km for H1, (b) 20–24 km for H2, and (c) 17–23 km for the PinS simulation.
the low-injection scenario for the rest of the paper because it represents best the observed global aerosol
distribution. In addition, the modeled peak aerosol backscatter values between 20 and 25 km altitude above
Mauna Loa in July 1991 correspond best with lidar measurements (Figure 2).
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